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ABSTRACT: The response of the meridional overturning circulation (MOC) to changes in Southern Ocean (SO) zonal

wind forcing and Pacific Ocean basin vertical diffusivity is investigated under varying buoyancy forcings, corresponding to

‘‘warm,’’ ‘‘present day,’’ and ‘‘cold’’ states, in a two-basin general circulation model connected by a southern circumpolar

channel. We find that the Atlantic MOC (AMOC) strengthens with increased SO wind stress or diffusivity in the model

Pacific, under all buoyancy forcings. The sensitivity of the AMOC to wind stress increases as the buoyancy forcing is varied

from a warm to a present-day or cold state, whereas it is most sensitive to the Pacific diffusivity in a present-day or

warm state. Similarly, the AMOC is more sensitive to buoyancy forcing over the Southern Ocean under reduced wind

stress or enhanced Pacific diffusivity. These results arise because of the increased importance of the Pacific pathway in

the warmer climates, giving an increased linkage between the basins and so the opportunity for the diffusivity in the

Pacific to affect the overturning in the Atlantic. In cooler states, such as in glacial climates, the two basins are largely

decoupled and the wind strength over the SO is the primary determinant of the AMOC strength. Both wind- and

diffusively driven upwelling sustain the AMOC in the warmer (present day) state. Changes in SO wind stress alone do

not shoal the AMOC to resemble that observed at the last glacial maximum; changes in the buoyancy forcing are also

needed to decouple the two basins.
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1. Introduction

The global meridional overturning circulation (MOC) plays

a vital role in the transport and air–sea exchange of both heat

and carbon, and consequently in modulating global climate.

Dense waters in the present-day North Atlantic Ocean sink to

form North Atlantic Deep Water (NADW) and must be bal-

anced by upwelling elsewhere. This upwelling was originally

believed to occur diffusively throughout the ocean via interior

vertical mixing (e.g., Munk 1966), but observational estimates

of the diffusivity of order 1025m2 s21 are an order of magni-

tude too small to sustain the present-day NADW cell (Gregg

1989; Ledwell et al. 1993; Toole et al. 1994; Wang and Huang

2005), leading to the so-called ‘‘missing mixing’’ problem.

An alternative mechanism to drive an interhemispheric

MOC, via wind-driven adiabatic upwelling in the Southern

Ocean (SO), was proposed by Toggweiler and Samuels (1995,

1998) and Doos and Coward (1997), showing that a substantial

MOC could persist even with little diapycnal mixing, and these

effects were further explored by Vallis (2000), Wolfe and Cessi

(2010), and others. Conceptual models and theories of these

processes were put forward byGnanadesikan (1999), Samelson

(2004), and Nikurashin and Vallis (2011, 2012), and reviews

and a general theoretical discussion can be found in Kuhlbrodt

et al. (2007), Vallis (2017), and Cessi (2019).

Renewed attention to diffusive processes came about

through simulations with multibasin configurations (Jochum

and Eden 2015; Jones and Cessi 2016; Ferrari et al. 2017;

Newsom and Thompson 2018; Baker et al. 2020, hereinafter

Part I; Nadeau and Jansen 2020). These studies show that

diffusive upwelling in the Pacific Ocean can, at least in part,

drive an Atlantic meridional overturning circulation (AMOC).1

An enhanced diapycnal diffusivity increases the overlap between

the upper and lower overturning cells, increasing the connection

between the basins and strengthening the AMOC (Nadeau and

Jansen 2020). These studies are largely consistent with observa-

tions that suggest a significant volume of NADW that upwells in

the SO is converted to AABW before flowing into the Indo-

Pacific (Lumpkin and Speer 2007; Talley 2013). Both diffusive and

wind-driven processes are generally believed to play a role in

the present-day overturning circulation, although the relative

importance of these mechanisms is still not precisely known.

Wind effects are moderated by the fact that that changes in

the wind-induced circulation in the SO are in part compen-

sated by opposing changes in the eddy-induced circulation

(e.g., Farneti et al. 2010), but nevertheless they remain sig-

nificant in eddy-resolving simulations (Wolfe and Cessi 2010;

Bishop et al. 2016).

Given that the wind itself is important to the ocean structure,

changes in SOwindmay have significant effects on climate. For

example, a weakening or equatorward shift in the SO westerly

winds has been suggested as a mechanism to cause the drawdownSupplemental information related to this paper is available at

the Journals Online website: https://doi.org/10.1175/JPO-D-20-

0121.s1.
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1We use the ‘‘AMOC’’ as a slight generalization of the ‘‘NADW
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of atmospheric CO2 (Toggweiler et al. 2006; Lauderdale

et al. 2013) via the transition of the MOC to one with a

weaker, shallower NADW cell (Lynch-Stieglitz et al. 1999;

Curry and Oppo 2005). Paleo-proxy data and models are

unfortunately insufficiently precise to accurately determine the

changes in SO winds at the Last Glacial Maximum (LGM) but a

weakening of the SO winds during glacial times is very possible

(Rojas et al. 2009;Kohfeld et al. 2013).Compounding thedifficulty,

the response of the AMOC to past and future climate forcings

differs substantially in state-of-the-art global climate models. For

example, simulations of glacial climates in the Paleoclimate

Modeling Intercomparison Project (PMIP) show a large range

of changes in theAMOCdepth and strength (e.g., Otto-Bliesner

et al. 2007; Muglia and Schmittner 2015), and although models

generally predict a transientweakening of theAMOCin a future

warmer climate, the magnitude of change varies greatly (e.g.,

Weijer et al. 2020).

The overall goal of this study (taken with its predecessor,

Part I), is to better understand how the various ‘‘forcings’’ of

the ocean, specifically the wind, diffusivity, and surface buoy-

ancy forcing, affect the overturning circulation in a multibasin

ocean, and how that overturning circulation might change in a

cold or a warmer climate. In Part I we focused on the basic

effects of buoyancy forcing, showing how the AMOC shoals

and weakens as the SO buoyancy forcing is varied from that

corresponding to a warmer climate to that of a colder, more

glacial climate (also see Watson and Naveria Garabato 2006;

Ferrari et al. 2014; Jansen and Nadeau 2016; Nadeau et al.

2019; Sun et al. 2020). This shoaling reduces the connection of

the AMOC with the lower cell in the SO and consequently the

Pacific basin, effecting a separation between the circulation in

the Atlantic and Pacific basins. In this paper we extend that

study by evaluating the sensitivity of the AMOC to diffusivity

and wind and how that sensitivity might vary depending on

whether the climate is warm or cool. Specifically, we seek to

answer following questions:

1) How does the sensitivity of theAMOC to SOwind stress and

Pacific diffusivity vary with buoyancy forcing? Relatedly,

how does the sensitivity to buoyancy forcing vary with SO

wind stress and Pacific diffusivity?

2) Can reduced SO wind stress alone explain the shoaling and

weakening of the AMOC in glacial times?

3) Can the wind- and diffusive-driven upwelling mechanisms

that sustain the AMOC (among other factors) be separated?

This paper is organized as follows: in section 2, the ocean–sea

ice model and experiments performed are described; in section 3,

we describe our method and control simulations; in sections 4

and 5, we describe and compare the MOC changes in experi-

ments in which we vary the SO wind forcing or Pacific vertical

diffusivity; in section 6, we discuss the AMOC upwelling

mechanisms; and in section 7, we summarize and conclude.

2. Model setup and experiments

We use the Massachusetts Institute of Technology gen-

eral circulation model (MITgcm) (Marshall et al. 1997a,b)

with a 2.88 horizontal resolution and 20 vertical levels in a

4000-m-deep ocean. An idealized domain is used (Fig. 1a)

with two basins (referred to as ‘‘Atlantic’’ and ‘‘Pacific’’)

connected by a reentrant circumpolar channel in the south.

The basins have an area representative of the Atlantic and

Pacific Oceans. The domain extends from 708S to 738N in the

Atlantic basin and to 658N in the Pacific basin. The model

has a longitudinal extent of 1888, with an Atlantic basin of

63.58 and a Pacific basin of 123.58. There are two meridional

land strips extending from the north of the model, which

represent and are referred to herein as the South America

and South Africa land strips, extending to a latitude of 538

and 368S, respectively. The SO south of the South Africa

land strip is herein referred to as the ‘‘channel.’’

The model is forced at the surface by a wind stress (Fig. 1b),

and heat and freshwater fluxes. Sea ice is simulated using a fully

coupled dynamic–thermodynamic sea ice model (Hibler 1979;

Zhang and Hibler 1997; Losch et al. 2010), which accounts for

the effects of sea ice on the buoyancy fluxes. The sea ice

freezing point is perturbed as a convenient way to represent

variations in SO sea ice formation and thus changes in the

surface buoyancy flux. Sea ice freezing points set to 21.968C,

08, and 18C simulate surface buoyancy conditions representa-

tive of a warm (W), a present-day (P), and a cold (C) state,

respectively as shown in Part I, where further reasoning for this

approach is provided. The vertical ocean diffusivity is set using

the Bryan and Lewis (1979) diffusion scheme (BL79) (Fig. 1c)

and theGent–McWilliams–Redi (GM–Redi) scheme is used to

parameterize mesoscale eddies (Gent and McWilliams 1990;

Gent et al. 1995; Redi 1982). Further model details are de-

scribed in Part I.

Our experiments perturb either the SO zonal wind stress t

(south of 368S; Fig. 1b) or the background vertical diffusivity in

the Pacific basin k (Figs. 1c,d) by factors ranging from 0 to 4

relative to the control experiments, these being the warm,

present-day, and cold buoyancy state experiments described

above. The model is spun up over several thousand years in

each of the control states and is then integrated for a further

10 000 years in the perturbation experiments to ensure a steady

state is reached in all experiments.

We only vary the background vertical diffusivity in the

Pacific basin so we can determine the sensitivity of the AMOC

to changes in the interbasin transport, which varies significantly

with buoyancy forcing (see section 3b). The model uses a

second-order centered difference advection scheme so has

little numerical mixing (Griffies et al. 2000), although numer-

ical noise does occur. The parameterized mesoscale eddies

cause negligible diffusive upwelling over most of the Pacific

basin as the isopycnals are approximately horizontal (except at

enhanced background diffusivity). Therefore, reducing the

background vertical diffusivity in the Pacific basin is approxi-

mately equal to reducing the effective vertical diffusivity in this

basin. At zero Pacific basin diffusivity, the large-scale Pacific

overturning circulation is virtually nonexistent (see the middle

panel of Figs. 3d, 4d, and 5d).

By varying the SO wind stress and Pacific diffusivity over a

wide parameter space, we can explore MOC pathways and the

AMOC response to these perturbations. The reduction to a

zero SOwind stress and Pacific diffusivity allows us to infer the
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role these parameters play in sustaining the AMOC, aiding our

discussion of its driving mechanisms in section 6.

3. Methods and control simulations

a. Methods

In contrast to a single-basin model (or the global-integrated

circulation), the NADW cell in the Atlantic basin and the

Pacific Deep Water (PDW) cell in the Pacific basin of a mul-

tibasin model can flow into the channel’s global-integrated

lower and upper cells, respectively (i.e., the upper and lower

cells intersect) at the channel–basin boundary (Fig. 2).

A method to separate the MOC pathways by analyzing the

overturning streamfunction was described in Part I and using this

method eachMOC component is labeled in Fig. 2 (along with the

AMOC strength) and defined in Table 1. The depth of the inter-

face between the global-integrated upper and lower cells at the

channel–basin boundary is referred to as the ‘‘z_interface’’ (Fig. 2).

The overlap between theNADWcell in theAtlantic basin and the

global-integrated lower cell in the channel, herein referred to as

the ‘‘cell overlap,’’ is critical in determining the pathways of

NADW. It controls to a large extent the flow along the Pacific

pathway, although we also account for any zonal pathway of

NADW into the Pacific basin above the z_interface (see Table 1).

The PDW return pathway, PDW_At, returns water from the

Pacific basin to the Atlantic basin via zonal flows, upwelling

further via the channel’s wind-driven upper cell in some cases.

Therefore, the direct wind pathway, NADW_wind, is not al-

ways equal to the total adiabatic upwelling by the channel’s

wind-driven upper cell because the total adiabatic upwelling

can also include upwelling of PDW. The direct wind pathway

may thus increase to compensate for a decrease in the Pacific

pathway, as occurs in the warm buoyancy state experiments.

Similarly, the Pacific pathway will be shown to compensate

for changes in the direct wind pathway in some cases due to

structural changes in the MOC. We discuss this compensating

FIG. 1. (a) Bathymetry of the multibasin model. The ocean is shaded white, and land is shaded black. (b) Zonal

wind stress forcing t (Nm22) and (c),(d) Pacific basin vertical diffusivity k (m2 s21) in each of the model experi-

ments: the control (labeled t0 or k0) and the zero, half, twofold, and fourfold perturbation experiments. The zero

diffusivity profile is not plotted in (d) since the x axis is logarithmic.

JUNE 2021 BAKER ET AL . 1815



behavior in section 6. These pathways are representative of the

net overturning flows (i.e., following the overturning stream-

lines) rather than that of an individual water parcel.

b. MOC components in the control experiments

The three control experiments, the warm (Fig. 3c), present-

day (Fig. 4c), and cold (Fig. 5c) buoyancy states are each forced

by the same control SO zonal wind stress, t0, and Pacific ver-

tical diffusivity, k0. The main difference between the MOC in

these control experiments is the depth and strength of the

AMOC, as described in Part I. In the present-day buoyancy

state control (Fig. 4c), the direct wind pathway, NADW_

wind, and the Pacific pathway, NADW_Pac, have similar

magnitudes (see Figs. 6b,c, green stars), contributing to an

;12-Sverdrup (Sv; 1 Sv [ 106m2 s21) AMOC. In the warm

state the AMOC strengthens to about 17 Sv and deepens

(Fig. 3c), with an increase in the Pacific pathway and a de-

crease in the direct wind pathway (Figs. 6b,c, red stars) as

the cell overlap increases. In contrast, in the cold state en-

hanced negative SO buoyancy fluxes shoal and weaken the

FIG. 2. Net zonal and depth-averaged meridional overturning streamfunction in the warm buoyancy state control,

with themodel (left) Atlantic and (right) Pacific, and the global-integrated streamfunction plotted in the channel. The

strength of theAMOC is labeled as 1. Overturning components, equal to the net southward flow into the channel over

the depth of the corresponding vertical lines are direct wind pathway NADW_wind (label 2), Pacific pathway

NADW_Pac (label 3), PDW isolated pathway PDW_sep (label 4), and PDW return pathway PDW_At (label 5). The

Atlantic pathway, NADW_At is equal to the difference between 1 and the total pathway of NADW into the channel

(21 3). The z_interface is the depth separating the global-integrated upper and lower overturning cells at the channel-

basin boundary, and z_NADW is the depth of the NADW at the channel-basin boundary. The cell overlap is the

overlap between the Atlantic upper cell and the global-integrated lower cell in the channel. Component 3 is strictly

only the lower Pacific pathway, and if there is a pathway of NADW into the Pacific above z_interface, component 2 is

reduced accordingly. The solid black contour is the 0-Sv streamline, and vertical dashed lines are, from left to right, the

southernmost latitudes of the South America and South Africa land strips, respectively. Note that we plot the

streamfunction in depth space throughout this paper but we calculate the MOC components in isopycnal space.

TABLE 1. Definitions and abbreviations of the pathways of NADW and PDW in our multibasin model. The labeled numbers correspond

to the components labeled in Fig. 2.

MOC pathway Abbreviation Definition

Direct wind pathway (component 2) NADW_wind NADW pathway upwelled by the wind-driven upper cell as it flows into the

channel, before returning directly to the Atlantic basin nearer the surface

(i.e., no flow into the Pacific basin)

Pacific pathway (component 3) NADW_Pac NADW pathway that ultimately upwells in the Pacific basin, entering the

basin via zonal flows in the channel, either directly or via the channel’s

lower anticlockwise cell

Atlantic pathway NADW_At NADW pathway that upwells in the Atlantic basin and returns northward

nearer the surface, without flowing into the channel

PDW isolated pathway (component 4) PDW_sep PDW pathway that upwells in the Pacific basin and flows into the channel’s

lower cell; it is therefore isolated from the upper cell of the Atlantic basin

PDW return pathway (component 5) PDW_At PDW pathway that upwells in the Pacific basin and returns to the Atlantic

basin via zonal flows; further upwelling in the channel’s upper cell occurs in

some cases, before returning to the Atlantic
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FIG. 3. Net overturning streamfunction (1-Sv contour intervals) in ‘the warm’ state for (a),(b) changes in SO

zonal wind stress t relative to the control, as labeled; (c) control; and (d),(e) changes in Pacific vertical diffusivity k

relative to control, as labeled. Shown are the (left) Atlantic-, (center) Pacific-, and (right) global-integrated cir-

culations, respectively, with the global-integrated streamfunction plotted in the channel in all plots. Potential

density (kgm23) contours are shown with thin dash–dotted black lines.
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FIG. 4. As in Fig. 3, but for present-day state.
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FIG. 5. As in Fig. 3, but for cold state.
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AMOC (Fig. 5c). The cell overlap is reduced, decoupling the

upper and lower cells and isolating the AMOC from the

Pacific basin. Thus, the AMOC is primarily wind-driven in

the cold state (Fig. 6b, blue star).

The direct wind pathway tends to increase slightly while

the Pacific pathway decreases greatly as the buoyancy forcing is

varied from a warm to a cold state (Figs. 4b,c, red to blue stars,

and Fig. 7c of Part I), as shown in Part I. Thus, we predict the

sensitivity of the AMOC to changes in SO wind stress and

Pacific diffusivity will increase and decrease, respectively, as

the buoyancy forcing approaches a cold state.

c. A note on the MOC coordinate system

In this paper, the MOC components are calculated from the

overturning streamfunction in isopycnal coordinates, although

we show the circulations in depth coordinates.2 The over-

turning plots therefore do not correspond exactly to our MOC

FIG. 6. Overturning transport components as a function of SOzonalwind stress t relative to the control value t0, and

the area-integrated SO buoyancy flux. Components plotted are (a) NADW (AMOC) strength, (b) NADW_wind,

(c) NADW_Pac, and (d) NADW_At. Symbols represent experiments performed including the warm (red), present

day (green), and cold (blue) buoyancy state experiments, with the control experiments denoted by a star. The black

dots represent additional SO buoyancy perturbation experiments performed in Part I. Contour intervals are 1 Sv.

2The depth coordinate shown is the same in each experiment,

enabling more direct comparisons of the MOC in depth coordi-

nates and variations in the cell overlap to be inferred.
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component calculations, although the key changes are the

same in each coordinate system. The main difference is a re-

duction in the magnitude of Atlantic upwelling of NADW,

NADW_At, and thus the AMOC strength in isopycnal coor-

dinates, particularly in some of the high-wind and high-

diffusivity perturbation experiments.

4. Wind perturbation experiments

We perturb the SO zonal wind stress from zero to a fourfold

increase relative to the control (Fig. 1b), from each of the

control buoyancy states: the warm, present-day, and cold states

described in section 3b. We refer to each of the perturbation

experiments as being in a warm, present-day or cold buoyancy

state according to the buoyancy state of the control experiment

they are perturbed from.

a. SO buoyancy response

The SO buoyancy flux in the model is dependent on the

model heat and freshwater forcings, the wind forcing, the sea

ice formation and melt rates, and the overturning circulation.

Therefore, the area-integrated SO buoyancy flux (south of

678S) can vary as the SOwind stress is perturbed. This variation

can be inferred for each buoyancy state from the colored

symbols in Fig. 6. As the SO zonal wind stress is increased, the

SO buoyancy flux remains positive (effectively, heat into the

ocean) in the warm buoyancy state (red symbols). In contrast,

it becomes significantly more negative in the present-day and

cold states at high wind stress (green and blue symbols) as the

SO sea ice export and formation rates increase. It is also re-

duced under weaker SO winds in all buoyancy states due to the

sea ice thickness increasing. Nonetheless, the SObuoyancy flux

remains distinct between each buoyancy state under all wind

perturbations.

b. Changes in the AMOC and overturning pathways

Changes in SO wind stress significantly alter the strength of

theAMOCunder all buoyancy forcings (Fig. 6a), primarily due

to changes in the direct wind pathway, NADW_wind, which

has a similar variation in each buoyancy state (Fig. 6b). This

pathway changes due to variations in the strength and depth of

the channel’s wind-driven upper cell, which is no longer gen-

erated at zero SO wind stress (Figs. 3b, 4b, and 5b).3

The AMOC (i.e., effectively the upper cell) dominates the

Atlantic basin circulation under all wind stress perturbations in

the warm buoyancy state (Figs. 3a–c). At zero SO wind stress,

the Pacific pathway of NADW, NADW_Pac, is maintained via

zonal flows driven by density differences between the basins

(e.g., Jones and Cessi 2016; Thompson et al. 2016; Ferrari

et al. 2017).

Similarly, theAMOCweakens by only about 2 Sv at zero SO

wind stress in the present-day state (Fig. 4b and green symbol

at bottom of Fig. 6a). This is because both the Pacific and the

Atlantic pathways of NADW, NADW_Pac and NADW_At,

respectively, increase (green symbols at bottom of Figs. 6c,d),

due to an increase in the cell overlap and a slight deepening of

the AMOC (Fig. S1 in the online supplemental material). The

AMOC is therefore not shoaled to an overturning represen-

tative of the LGM.

In contrast, in the cold buoyancy state there is a significant

weakening of theAMOC (Fig. 5b and blue symbol at bottomof

Fig. 6a) because there is only a small increase in the Pacific

pathway (Fig. 6c) and the Atlantic pathway decreases (Fig. 6d)

as the AMOC shoals.

At enhanced wind stress, the Pacific pathway decreases

slightly in the warm buoyancy state (red symbols at top of

Fig. 6c) due to a decrease in the cell overlap (Fig. 3a). In the

present-day and cold buoyancy states, the AMOC deepens

(Figs. 4a and 5a) increasing the Atlantic pathway (green and

blue symbols at top of Fig. 6d).

The AMOC is therefore most sensitive to a reduction in

wind stress in the cold buoyancy state, although the present-

day buoyancy state is about as sensitive to an enhanced wind

stress (Fig. 8a, blue and green lines, respectively). The higher

sensitivities in these cooler buoyancy states are primarily ex-

plained by the greater variation in the strength of the Atlantic

pathway of NADW, NADW_At (blue and green symbols in

Fig. 6d). The Pacific pathway in the warm buoyancy state also

varies with wind stress, reducing the magnitude of changes in

AMOC strength (red symbols in Fig. 6c).

c. Eddy compensation

Although the absolute variation of the AMOC to changes in

SO wind stress will vary with the choice of eddy parameteri-

zation (because of variations in SO eddy compensation—see

Munday et al. 2013), the qualitative differences in sensitivity

between buoyancy states in our experiments should remain

valid. The direction of change in the structure of the SO

overturning with SO wind stress will in any case be similar to

that in our experiments because as the wind stress is reduced to

zero, the wind-driven upper cell cannot be generated, whereas

it will be strengthened at enhanced wind stress. That said, the

sensitivity may be much reduced in models with more eddy

compensation, and our experiments do investigate unrealisti-

cally large changes in wind stress. On the other hand, models

with realistic geometry have a wider southern channel, which

could increase the sensitivity to changes in SO winds.

5. Effects of Pacific vertical diffusivity

We now describe the results of experiments in which we

change the vertical diffusivity in the Pacific basin by factors

ranging from zero to four relative to the control (see Figs. 1c,d).43The channel is dominated by a weak clockwise eddy-induced

cell in the warm buoyancy state (Fig. 3b) because without the wind

or sea ice buoyancy-induced negative tilting of the SO isopycnals,

they are sloped positively. In isopycnal space, nearly all of the

;3 Sv of upwelling by this cell also upwells in the Pacific basin

before returning to the Atlantic basin.

4Our zero Pacific diffusivity experiments are analogous to

the ‘‘long ACC’’ single-basin experiment of Nadeau and

Jansen (2020).
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Wind stress is fixed at its control value. As in the wind ex-

periments, each of these diffusivity experiments are per-

formed with varying sea ice freezing points and thus varying

SO sea ice formation and buoyancy fluxes as described in

section 2. The SO buoyancy flux is approximately constant

in each buoyancy state as the Pacific diffusivity is perturbed

(Fig. 7, colored symbols).

a. Changes in the AMOC and overturning pathways

The AMOC shoals (deepens) significantly with reduced

(enhanced) Pacific diffusivity (Figs. 3, 4, and 5d,e) in all buoy-

ancy states with a corresponding weakening (strengthening)

of the AMOC (Fig. 7a).5 This is primarily due to changes in the

Pacific basin circulation with the PDW cell weakening (strength-

ening) in all buoyancy states as the Pacific diffusivity is reduced

(enhanced), as seen in middle panels of Figs. 3, 4, and 5d,e.

The Pacific pathway of NADW, NADW_Pac, is reduced to

zero as the PDW cell is diminished (bottom of Fig. 7c) because

FIG. 7. As in Fig. 6, but showing overturning transport components as a function of Pacific vertical diffusivity

k relative to the control value k0, and the area-integrated SO buoyancy flux.

5Compare with Fig. 10d of Nadeau and Jansen (2020), which

appears to have a similar AMOC sensitivity in diffusivity–

buoyancy flux space despite the diffusivity being perturbed across

the whole model domain.
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without Pacific basin upwelling there is no pathway to return

this water to the upper cell of the Atlantic basin. The AMOC

therefore shoals, reducing the cell overlap in the warm and

present-day buoyancy states (Figs. 3d and 4d) to conserve volume,

becoming akin to the cold state control (Fig. 5c) in structure.

Although the Pacific pathway is greater in the warm state control,

and thus the pathway decreases more as the Pacific diffusivity is

reduced, the direct wind pathway increases in the warm state (red

symbols at bottom of Fig. 7b). The increase in the direct wind

pathway as the PDW cell weakens is because of the upwelling in

the return pathway of PDW to the Atlantic (i.e., upwelling in

PDW_At), is via the channels wind-driven upper cell in the warm

state control (see section 6). The sensitivity of the AMOC to a

reduced Pacific diffusivity in the present-day state is therefore

similar to the warm state (Fig. 8b, green and red lines).

In the cold buoyancy state, though there is no pathway of

NADW into the deep Pacific, reducing the Pacific diffusivity

still weakens the AMOC because it reduces the direct wind

pathway and the Atlantic pathway of NADW (blue symbols at

the bottom of Figs. 7a,b,d) as the AMOC shoals (Fig. 5d).

The Pacific pathway of NADW increases in all buoyancy

states as the Pacific diffusivity is enhanced (top of Fig. 7c) be-

cause the cell overlap increases and the PDW cell strengthens

(Figs. 3e, 4e, and 5e). This leads to a significant strengthening of

the AMOC, greatest in the present-day and warm buoyancy

states (Fig. 8b, green and red lines), despite the direct wind

pathway reducing to oppose this change (green and red symbols

at top of Fig. 7b). TheAtlantic pathwayofNADWalso increases

in the present-day state as the AMOC deepens (green symbols

at top of Fig. 7d).

b. Summary and comparison of all experiments

The sensitivity of the AMOC to varying Pacific diffusivity is

highly dependent on the buoyancy forcing. It is more sensitive

to a decrease in the diffusivity relative to the control value as

the buoyancy forcing is varied from a cold toward a warm

buoyancy state (bottom of Fig. 7a, and Fig. 8b). In contrast, as

the diffusivity is increased relative to the control, theAMOC in

the present-day buoyancy state is more sensitive than in the

warm buoyancy state (top of Fig. 7a, and Fig. 8b) due primarily

to a significant deepening of the AMOC, although the cold

buoyancy state remains the least sensitive.

This contrasts with the SO wind experiments in which the

cold buoyancy state is most sensitive to a reduction in wind

stress, while the cold and present-day buoyancy states are

equally sensitive to an enhanced wind stress (Figs. 6a and 8a).

c. AMOC sensitivity to buoyancy forcing

The sensitivity of the AMOC to changes in SO wind stress

and Pacific diffusivity, varies with buoyancy forcing; thus its

sensitivity to changes in buoyancy forcing, varies with wind

stress and diffusivity. This can be inferred from Figs. 6a and 7a

by comparing the changes in AMOC strength between buoy-

ancy states (i.e., from left to right, between the blue and red

symbols) as the wind stress or diffusivity changes. The AMOC

is in general most sensitive to buoyancy forcing perturbations

at low SO wind stress or at high Pacific diffusivity (orange lines

in Figs. 8c,d, respectively). This is a consequence of theAMOC

being more sensitive to SO wind stress under a cold climate

buoyancy forcing (left side of Fig. 6a) and more sensitive to

Pacific diffusivity toward a warm climate buoyancy forcing

(right side of Fig. 7a). Since the AMOC is weaker in cooler

climates, these sensitivity differences lead to a greater diver-

gence in the strength of the AMOC between buoyancy states

at a reduced SO wind stress or at an enhanced Pacific

diffusivity.

While this dependence on buoyancy forcing is the case for

changes from a cold to a warm buoyancy state (orange lines in

Figs. 8c,d), changes to or from the present-day buoyancy state

do not have this dependence in all cases (blue and red lines in

Figs. 8c,d). The present-day state is as sensitive to enhanced

wind stress as the cold state, and as or more sensitive to a

change in diffusivity as in the warm state (see section 5b).

Nonetheless, the sensitivity of the AMOC to a change from a

present-day to a cold buoyancy forcing is significantly greater

at enhanced Pacific diffusivity (Fig. 8d blue line), or at a SO

wind stress lower than the control value (Fig. 8c, blue line).6

Our experiments only consider the equilibrium response of

the AMOC to perturbations in buoyancy forcing, but models

generally simulate a transient shoaling and weakening of the

AMOC in response to a warmer climate (e.g., Weijer et al.

2020), the opposite to the equilibrium response.We suggest the

dependence of the equilibrium response of the AMOC to

changes from a present-day toward a cold buoyancy forcing, on

the SO wind stress and Pacific diffusivity in our experiments,

will be similar to the sensitivity of the transient response of the

AMOC to a future warmer climate. This is due to the AMOC

shoaling in both cases, albeit via different mechanisms7, and

therefore changes in the pathways of NADW are likely to be

analogous. This would imply the transient weakening of the

AMOC in response to climate warming in a model would be

greater at a low SOwind stress, or at a higher Pacific diffusivity.

Further research is needed to determine if these sensitivity

dependencies apply to the transient response of the AMOC.

6. MOC upwelling mechanisms

a. Relation to NADW pathways

We have separated the NADW pathways into the compo-

nents that return water to the surface of the Atlantic basin (i.e.,

NADW_wind, NADW_Pac, and NADW_At). However, the

relation between these components, and the wind- and diffusive-

driven upwelling mechanisms is not always straightforward i.e.,

6The sensitivity to buoyancy forcing when the effects of SO

winds and Pacific diffusivity on the buoyancy forcing are removed,

by interpolation of the buoyancy forcing in the control experiments

vertically in Figs. 6a and 7a, yield similar sensitivities (Fig. S2 in the

online supplemental material).
7 Jansen et al. (2018) use a single-basin model to show that

warmer northern sourced waters lead to a transient shoaling of the

AMOC in warmer climates, whereas in our experiments enhanced

SO buoyancy fluxes in cooler climates lead to an equilibrium

shoaling of the AMOC (see Ferrari et al. 2014; Jansen and

Nadeau 2016).
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the Pacific pathway, NADW_Pac does not necessarily corre-

spond to the component of the AMOC driven solely by Pacific

diffusive upwelling. That said, the upwelling along the direct

wind pathway, NADW_wind, and the Atlantic pathway,

NADW_At are in fact essentially driven solely by the SO

winds and Atlantic basin diffusion, respectively, since these

pathways have a single upwelling mechanism (Fig. 2).

NADW_wind is the pathway of NADW out of the Atlantic

basin that is subsequently upwelled by the channels wind-

driven upper cell, before returning directly back into the

Atlantic basin. NADW_At is the pathway of NADW upw-

elled diffusively in the Atlantic basin, before returning

north nearer the surface, without flowing into the channel.

The upwelling mechanisms that drive the Pacific pathway of

NADW, NADW_Pac, are less easily identified. Upwelling

along this pathway in the control (and all nonzero perturba-

tion) experiments is initially via the channel’s anticlockwise

lower cell, which may be partially wind induced. Waters then

flow into the Pacific basin at depth, and in the warm state

control, some of the Pacific diffusively upwelled waters are

later upwelled by the channel’s wind-driven upper cell, before

returning to the Atlantic via zonal flows.

The calculated pathways of NADW in our present-day

control experiment do approximately equal the drivers of the

AMOC (i.e., wind driven, and Atlantic and Pacific diffusively

driven for the NADW_wind, NADW_At, and NADW_Pac

FIG. 8. Change in AMOC strength as a function of fractional change in (left) SO wind stress t and (right) Pacific

diffusivity k relative to the control values t0 and k0, respectively, for (a),(b) warm (W), present day (P), and cold

(C) buoyancy states where the change in AMOC strength is relative to the control values and for (c),(d) changes in

buoyancy forcing between buoyancy states C and W (orange), C and P (blue), and P and W (red).
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pathways, respectively) although there is some deviation in the

warm buoyancy state as we shall now discuss.

b. Implications

The separation of NADW flowing into the channel’s lower

cell and ultimately into the Pacific basin (NADW_Pac), from

that flowing into the channel’s upper cell and directly back into

the Atlantic along the direct wind pathway (NADW_wind), is

an important distinction. If the two were not separated, SO

wind-driven upwelling could be assumed to drive the AMOC

in its entirety (bar the diffusive upwelling in the Atlantic) with

only a minor role played by Pacific diffusive upwelling.

However, our experiments show that without diffusive up-

welling in the Pacific basin, the Pacific pathway of NADW,

NADW_Pac, is not present and thus the AMOC weakens

despite no change in SO wind-driven upwelling (symbols at

bottom of Figs. 7a,c). The channel’s eddy-induced lower cell is

then isolated from the NADW cell (i.e., no cell overlap) to

satisfy continuity (Figs. 3d, 4d, and 5d), due to the AMOC

shoaling.

However, as the Pacific diffusivity is reduced in the warm

buoyancy state, the direct wind pathway increases even

though the wind is held constant, opposing some of the re-

duction in the Pacific pathway (red symbols at bottom of

Fig. 7b). This is due to a component of the Pacific pathway

being both wind and diffusively driven in the control warm

state, because about 3 Sv of the PDW returning to the

Atlantic is first upwelled via the channel’s wind-driven up-

per cell. In contrast, in the present-day state control, the

Pacific pathway is entirely diffusively driven, i.e., the direct

wind pathway is equal to the total adiabatic upwelling by the

channel’s wind-driven upper cell.

The wind has a significant impact on the channel circulation

structure and thus, one might suppose, would be essential to

maintain the Pacific pathway, since without the wind-induced

tilting of isopycnals, the channel’s eddy-induced lower cell

might not be generated. However, in the zero wind experi-

ments performed here, the Pacific pathway is in fact main-

tained (and even slightly enhanced) at zero wind (bottom of

Fig. 6c). In any case, the Pacific pathway in the present-day

state control is a driver of the AMOC via diffusive Pacific

upwelling. The nonlinearity of the response means that the

strength of the AMOC is not simply the addition of the wind

driving with zero Pacific diffusivity and the diffusive driving

with zero winds.

In the present-day state control, our overturning pathway

calculations suggest about 5.4 Sv (47%) of theAMOC is driven

by the SO winds, about 3.4 Sv (29%) is driven by Pacific dif-

fusive upwelling, and about 2.8 Sv (24%) is driven by Atlantic

upwelling. Of course, the AMOC also depends on the North

Atlantic surface boundary conditions enabling NADW to

form, and the relative importance of the wind and diffusive

upwelling will depend on the model geometry (Nadeau and

Jansen 2020). In summary, the sensitivity of the AMOC to

reduced wind or Pacific diffusivity is generally not equal to

these respective upwelling mechanisms due to changes in the

MOC structure leading to opposing increases in other path-

ways, moderating the change in AMOC strength.

7. Conclusions

In this two-part study, the dependence of the strength and

pathways of the MOC on Southern Ocean buoyancy and wind

forcing, and on Pacific vertical diffusivity, has been investi-

gated using a two-basin model with a southern circumpolar

channel. In this paper (Part II) we have focused on wind and

diffusive effects.

TheAMOC strength depends on the wind stress over the SO

and the vertical diffusivity in the Pacific, and increases as either

of these increase. However, that dependence varies with the

SO buoyancy forcing, represented here by the low-ice warm,

the present-day and the cold states, each with varying SO sea

ice formation rates. Specifically, we find the following:

1) AMOC strengthens (weakens) with enhanced (reduced)

SO wind stress or Pacific diffusivity under all buoyancy

forcing states, being dominated by changes in the direct

wind and Pacific pathways of NADW, respectively, but the

sensitivity varies as follows:

(i) Sensitivity to wind is greatest in the cold state, and least

sensitive in the warm and present-day states.

(ii) Sensitivity to diffusivity is greatest in the warm state,

similar to that in the present-day state, and least in the

cold state.

2) AMOC is consequently more sensitive to buoyancy forcing

at a low SO wind stress or at high Pacific diffusivity because

of the AMOC being weaker in cooler states.

These sensitivity differences between the warm and cold

buoyancy states in response to changed wind and diffusivity

arise because the direct wind pathway (i.e., NADW upwelling

in the SO and returning directly to the Atlantic) increases at

the expense of the Pacific pathway as the buoyancy forcing is

perturbed toward a cold glacial state (Fig. 10 in Part I illustrates

these pathways; also see Nadeau and Jansen 2020). When the

two basins are largely decoupled (in the cold states), Pacific

diffusivity has little effect on the AMOC and SO wind effects

are dominant. In warm climates, the Pacific diffusivity can

play a much larger role.

The changes leading to these MOC variations and AMOC

sensitivity differences are summarized below:

d The AMOC is generally deeper in the warm and present-day

states than in the cold state, and the connection between the

Atlantic and Pacific is greater.
d An increased Pacific diffusivity deepens the AMOC at the

channel-basin boundary, altering the overlap between the

upper NADW cell and the (global-integrated) lower cell.

Similarly, a reduced diffusivity shoals the AMOC. This is in

agreement with Nadeau and Jansen (2020).
d SO wind perturbations significantly alter the SO circulation

and thus the depth of the global-integrated cell interface at

the channel-basin boundary, both directly, and indirectly by

varying SO isopycnal tilt and sea ice export.
d Structural changes in the MOC with diffusivity and wind

perturbations can lead to compensating changes in the direct

wind and Pacific pathways, respectively, in the warm and

present-day states in some cases, reducing the sensitivity of

the AMOC.
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These results have several ramifications for the cause and na-

ture of changes in the structure of the ocean in glacial times. In

particular, they suggest that although a reduction of SO zonal

wind forcing leads to a small weakening of the present-day

AMOC due to a reduced direct wind pathway, it does not of

itself shoal the AMOC because the Pacific pathway can be

maintained, broadly consistent with the results of Jochum and

Eden (2015). However, if the buoyancy forcing is that of a cold

state, changes in wind can have a great effect, more like

changes in wind in a single-basin configuration.

Although the response of the MOC to diffusivity, wind, and

buoyancy forcing seems complex, the underlying causes are

clear. In climates similar or warmer than that of today, the

AMOC is deep and there is a substantial pathway into

the Pacific. Diffusive upwelling in the Pacific modulates the

strength of the AMOC and thus there is substantial sensitivity

to its diffusivity. In colder climates, the upper and lower

overturning cells are at leading-order independent of each

other and the influence of the Pacific on the Atlantic is small.

The AMOC is then primarily sensitive to the SO wind forcing,

whereas sensitivity to Pacific diffusivity is small.

The exact sensitivities we have found in this study depend, of

course, on the nature of our model, and it would be helpful to

perform similar simulations using models with more realistic

geometries and higher resolution. Global eddy resolving sim-

ulations with realistic geometry are unfortunately currently out

of reach because of the length of time of the simulations.

Nevertheless, we believe the qualitative results will hold, as the

ocean pathways underlying the AMOC response in our

model are not dependent on details of the geometry. The

impact of varying the shape of the vertical diffusivity profile

and latitude of the SO winds on the sensitivity is another

avenue of research. The dependence of the sensitivity of the

AMOC to buoyancy forcing on the SO wind stress and

Pacific diffusivity, and to wind stress (and diffusivity) on the

buoyancy forcing revealed in this study may explain some of

the divergence in the response of the AMOC to past and

future climate forcing in GCM’s, since they all operate with

different sets of parameters.

We conclude by summarizing how our results affect the in-

terpretation of the overturning circulation in today’s climate

and a cooler, glacial, past climate. In today’s climate, both

SouthernOceanwind effects and diffusive upwelling, mainly in

the Pacific, play a role in driving the ocean’s overturning cir-

culation. In cooler climates, the overturning circulation in the

Atlantic and Pacific may becomemore decoupled, and if so it is

Southern Ocean wind effects that predominantly drive the

overturning state, and the AMOC is weaker and shallower

than of today.
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